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a b s t r a c t
Eutectic melting curves in the system MgO–SiO2 have been experimentally determined at lower mantle
pressures using laser-heated diamond anvil cell (LH-DAC) techniques. We investigated eutectic melting
of bridgmanite plus periclase in the MgO–MgSiO3 binary, and melting of bridgmanite plus stishovite in
the MgSiO3 –SiO2 binary, as analogues for natural peridotite and basalt, respectively. The melting curve
of model basalt occurs at lower temperatures, has a shallower dT /d P slope and slightly less curvature
than the model peridotitic melting curve. Overall, melting temperatures detected in this study are in
good agreement with previous experiments and ab initio simulations at ∼25 GPa (Liebske and Frost,
2012; de Koker et al., 2013). However, at higher pressures the measured eutectic melting curves are
systematically lower in temperature than curves extrapolated on the basis of thermodynamic modelling
of low-pressure experimental data, and those calculated from atomistic simulations. We ﬁnd that our data
are inconsistent with previously computed melting temperatures and melt thermodynamic properties
of the SiO2 endmember, and indicate a maximum in short-range ordering in MgO–SiO2 melts close to
Mg2 SiO4 composition. The curvature of the model peridotite eutectic relative to an MgSiO3 melt adiabat
indicates that crystallization in a global magma ocean would begin at ∼100 GPa rather than at the
bottom of the mantle, allowing for an early basal melt layer. The model peridotite melting curve lies
∼500 K above the mantle geotherm at the core–mantle boundary, indicating that it will not be molten
unless the addition of other components reduces the solidus suﬃciently. The model basalt melting curve
intersects the geotherm at the base of the mantle, and partial melting of subducted oceanic crust is
expected.
© 2017 Elsevier B.V. All rights reserved.

1. Introduction
Seismic velocity and density proﬁles of Earth’s lower mantle as depicted in 1-D radially averaged models (Dziewonski and
Anderson, 1981) are generally consistent with a peridotitic bulk
composition. However, the exact proportions of the primary mineral phases, bridgmanite, ferropericlase, Ca-perovskite and possibly
stishovite, are not yet uniquely constrained, and it is not known if
the upper and lower mantle are compositionally similar, or if the
lower mantle composition has a higher Si/Mg ratio due to a more
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chondritic primitive composition (e.g. Murakami et al., 2012) or
through accumulation of maﬁc material via subduction. Seismology also reveals the presence of both small (e.g. Helffrich, 2006)
and large-scale velocity anomalies (e.g. Garnero and McNamara,
2008) in the lower mantle. Large-scale features include two antipodal large low shear wave velocity provinces (LLSVP), as well as the
more localized ultra-low velocity zones (ULVZ; Garnero and McNamara, 2008; Lay et al., 2008) just above the core–mantle boundary
(CMB). Depending on their origin and mineralogical constitution,
these structures may exert a strong control on the distribution and
magnitude of heat ﬂow at the CMB and, therefore, on the convective dynamics and evolution of the Earth (e.g. Nakagawa and
Tackley, 2008; Torsvik et al., 2016).
One possible explanation for large-scale features in the deep
lower mantle is mineralogical layering inherited from solidiﬁcation of a deep global magma ocean during the earliest part of the
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Hadean Eon. Although geochemical arguments strongly preclude
large-scale fractionation, segregation of bridgmanite-rich domains
constituting up to ∼15% of the lower mantle remain plausible (e.g.
Walter et al., 2004; Liebske et al., 2005). Another possible mechanism is the continued accretion of subducted oceanic crust at the
base of the mantle, and the potential for melting of that material
at the CMB (e.g. McNamara and Zhong, 2005). Testing these possibilities requires a detailed knowledge of the melting behaviour of
mantle materials at the extreme conditions of the lower mantle.
Recent experiments on natural peridotitic and basaltic compositions (Fiquet et al., 2010; Andrault et al., 2011; Nomura et al.,
2014; Andrault et al., 2014; Pradhan et al., 2015) yield a range of
solidus and liquidus temperatures at lower mantle pressures, and it
is diﬃcult to discriminate between the effects of bulk composition,
the presence or absence of volatiles in starting materials, and the
different melting criteria and detection techniques used to establish the melting curves. In this study, we focus on eutectic melting
in the system MgO–SiO2 in order to eliminate the complexity inherent in natural multi-component systems. The MgO–SiO2 system
describes ∼95% of the mineralogy of peridotite and ∼70% of basalt
at lower mantle conditions. Importantly, because melting is eutectic, compositions can be chosen that produce large amounts of
melt at an invariant melting temperature, facilitating greatly our
ability to detect melting in experiments at extreme pressures and
temperatures.

187

Table 1
Experimental starting compositions (in mol%).
Starting mixtures

SiO2

MgO

Componentsa

M58 S42
M40 S60
M35 S65

42
60
65

58
40
35

En + Fo
En + SiO2
En + SiO2

a
En: enstatite glass (MgSiO3 ), Fo: crystalline forsterite (Mg2 SiO4 ), SiO2 : silica
glass.

1.1. Previous work in the system MgO–SiO2 at lower mantle pressures
Eutectic melting in the MgO–MgSiO3 binary has been studied
experimentally using the multi-anvil apparatus up to pressures of
26 GPa (Gasparik, 1990; Presnall et al., 1998; Liebske and Frost,
2012). There is good agreement between these studies that the
bridgmanite + periclase = melt eutectic is located at ∼2775 K
at 25 GPa, and that the eutectic liquid becomes progressively enriched in MgO with increasing pressure. Liebske and Frost (2012)
presented a thermodynamic model for eutectic melting in this system, and based on extrapolation predicted that the eutectic liquid
composition becomes richer in MgO up to about 80 GPa (from
∼57 mol% at 24 GPa to ∼60 mol% at 80 GPa), at which point
it maintains a nearly constant Mg/Si ratio that is close to model
bulk silicate earth (BSE). Atomistic simulations in the MgO–SiO2
system by de Koker et al. (2013) show a similar increase in MgO
content from 58 to 60 mol% for the bridgmanite + periclase eutectic liquid throughout the lower mantle pressure range (25–135
GPa). These authors also simulated melting in the MgSiO3 –SiO2 binary, and found a reduction in the MgO content of the bridgmanite
+ stishovite eutectic liquid from 37 to 33 mol% over the same
pressure range; the silica phase is either stishovite or modiﬁed
stishovite in the CaCl2 crystal structure (referred to as stishovite
from here onwards).
No previous experimental studies have investigated eutectic
melting in the MgO–SiO2 system throughout the lower mantle
pressure range. The melting curves of the unary compounds MgO,
MgSiO3 and SiO2 have been investigated in the laser-heated diamond anvil cell (LH-DAC) at pressures between ∼30 and 60 GPa
(e.g. Shen and Lazor, 1995), and results from these studies are
in broad agreement with corresponding melting curves calculated
from atomistic simulations (Stixrude and Karki, 2005; de Koker and
Stixrude, 2009; de Koker et al., 2013). The experimentally derived
melting curve of bridgmanite (Zerr and Boehler, 1993 and Shen
and Lazor, 1995), however, maintains a considerably higher dT/dP
slope and less curvature than the computationally derived curve
(de Koker and Stixrude, 2009 and Di Paola and Brodholt, 2016)
through the 24–60 GPa pressure range.
In this study we performed double-sided laser-heated diamondanvil cell experiments to constrain eutectic melting temperatures

Fig. 1. Liquidus phase relations in the MgO–SiO2 system at 24 and 136 GPa, adopted
from de Koker et al. (2013). The initial fractions of eutectic melt (in percent) for
the bulk starting compositions at 42, 60 and 65 mol% silica are calculated by the
lever rule and shown beneath the red arrows representing the three starting compositions. bdg = bridgmanite, per = periclase, stv = stishovite and L = liquid. (For
interpretation of the references to colour in this ﬁgure legend, the reader is referred
to the web version of this article.)

in the MgO–SiO2 binary system up to 110 GPa. The two eutectics in the MgO–SiO2 system are considered model analogues for
the melting of the natural lower mantle candidate lithologies, peridotite and basalt, respectively.
2. Experimental and analytical methods
2.1. Starting compositions
The compositions of the starting materials used in this study
are listed in Table 1. In selecting starting compositions we aimed to
be close to the eutectic melt composition in both the MgO–MgSiO3
and MgSiO3 –SiO2 binary systems, as predicted in the studies
of Liebske and Frost (2012) and de Koker et al. (2013). In the
MgO–MgSiO3 system we chose a composition with 58 mol% MgO,
whereas in the MgSiO3 –SiO2 system we chose two mixes, one with
40 mol% MgO and the other with 35 mol% MgO.
Fig. 1 shows our starting compositions relative to the predicted
eutectic compositions derived from the atomistic computations of
de Koker et al. (2013), and by applying the lever rule we calculate
that our near-eutectic starting materials should yield from ∼50% to
95% melt at lower mantle pressures. Producing such a large liquid
fraction upon melting aids considerably in melt detection during
laser heating and therefore enables higher precision on eutectic
temperature assessment.
The MgO–MgSiO3 binary composition was made by mixing enstatite glass with crystalline forsterite in the desired proportions,
followed by grinding in an agate mortar under ethanol to a powder with a grain size of ∼1 μm. Enstatite glass was made from a
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1:1 molar mix of pure MgO and SiO2 oxides, which were fused
three times at 1 atm and ∼1700 ◦ C for 30 min. The pure, crystal
free glass product was ground after each fusion to a very ﬁne powder. Crystalline forsterite was synthesized from a 2:1 molar mix of
pure MgO and SiO2 oxides, which were sintered three times at
1 atm and 1500 ◦ C for one hour and was veriﬁed as a pure phase
by X-ray diffraction. The MgSiO3 –SiO2 binary compositions were
made by mixing enstatite glass (prepared as above) and high purity optical-grade silica glass (99.997%) in the desired proportions
followed by grinding in an agate mortar under ethanol to a powder
with a grain size of ∼1 μm. Before weighing, all powdered components were dried at 120 ◦ C and stored in a desiccator to prevent
adsorption of water. To provide an absorber for the IR laser radiation, ∼10 wt% of sub-micron tungsten powder was added to each
starting composition. These mixtures were then further ground in
an agate mortar under ethanol to ensure that the W absorber was
homogeneously distributed throughout the sample on the micron
scale to provide as uniform heating as possible. All mixtures were
stored at 120 ◦ C under vacuum before use.
2.2. LH-DAC experiments
2.2.1. High pressure generation
High-pressure experiments were performed in ‘Princeton-type’
symmetric DACs, using Type Ia diamond anvils with culet diameters of 120, 150, 200 or 250 μm. Re gaskets were pre-indented
to ∼30 GPa and sample chambers were drilled by UV laser ablation in each indentation. We drilled multiple sample chambers in a
single Re-gasket where space allowed; 3 holes when using 200 μm
diameter culets for pressures of 60–90 GPa, and 4 holes when using 250 μm diameter culets for pressures of 24–60 GPa (Walter et
al., 2015; Thomson et al., 2014). The initial sample chamber diameters were 25–30 μm, and all sample chambers drilled in one
gasket were ﬁlled with the same starting material. Before sealing
and pressurising, the loaded DAC was heated at 125 ◦ C under Ar
gas ﬂow for at least one hour to remove adsorbed water and then
closed at the same high temperature conditions.
We opted not to use an additional thermally insulating material between the sample and the diamond anvils in order to
avoid chemical reactions and mechanical effects at high pressures
(e.g. sample tearing and separation) that might affect the observed
melting temperatures. This is especially important as we have designed the bulk compositions to produce high melt fractions at the
invariant temperature to aid in melt detection.
2.2.2. Pressure measurement
Pressure was determined on the basis of the Raman shift of
the singlet peak related to stress in the (001) direction at the
diamond culet surface (Hanﬂand et al., 1986), and is calibrated
relative to the ruby ﬂuorescence scale of Mao et al. (1986) (see
Walter et al., 2015). Confocal Raman measurements were made
using a Jobin-Yvon T64000 Raman microscope at a spectral resolution of ∼0.4 cm−1 within a diffraction limited focal volume.
The calibrations based on diamond peak-shift are shown in Fig. S1
in the supplementary information. In each experiment, pressure
was measured directly on each sample chamber before and after
laser-heating. All reported pressures in this study are post-heating
measurements. No correction has been made for thermal pressure
during heating due to lack of in situ EoS data. The thermal effect
on pressure is not expected to be more than ∼10% of the initial pressure measured at room temperature (Fiquet et al., 2010
and Andrault et al., 2011). None of the results reported here came
from heating of the sample chambers that contained ruby as it was
added only for the purpose of pressure calibration.

2.2.3. Laser heating
Double-sided laser heating was performed at the University of
Bristol using two 100 W Yb-doped ﬁbre lasers (λ = 1070 nm)
combined with beam-shaping and beam-expanding optics to minimise radial temperature gradients. Beams were shaped to an
approximately ‘ﬂat-top’ energy distribution, with the spot size
matched as closely as possible to the diameter of the sample
chamber. The melting experiments were heated using an automated ‘ramp mode’, in which the laser power is continually and
automatically increased by ∼0.2 W on each side every 4–6 s until quenching, resulting in a heating rate of 500–1500 K/min. We
also performed a series of subsolidus experiments, where samples were heated to target temperatures below our melting curve
and maintained at that temperature for ∼30 min before quenching.
2.2.4. Temperature measurement
At each step, temperatures were measured using standard spectroradiometric techniques (e.g. Walter and Koga, 2004). The thermal emission spectra were measured on both sides of the sample
simultaneously over a wavelength range of 570–830 nm along an
approximately 2 μm wide strip across the sample. Spectral intensity proﬁles were converted to temperatures by normalising to a
NIST calibrated W-lamp of spectral radiance, with spectra ﬁtted
to the idealised grey-body Wien function. Maximum temperature
precision is achieved by selecting the best-ﬁt 200 nm bandpass
within the 570–830 nm window that minimizes the average analytical error on the ﬁts; temperature precision is typically better
than 10 K at 3000 K. Uncertainty in temperature accuracy related
to possible wavelength dependent sample emissivity (e.g. non-grey
body behaviour) is unknown. A boxcar smoothing procedure was
performed on all temperature proﬁles to eliminate artefacts that
arise because the spatial resolution of the CCD at the object plane
(∼1 μm) is smaller than the actual system optical resolution of
∼3 μm. For more details on the laser heating and temperature
measurement system employed here, including calibration, benchmarking and uncertainties, see Lord et al. (2014a).
In several experiments we also obtained 2D temperature maps
using four-colour imaging radiometry similar to that described in
Campbell (2008). In brief, a 50× image of the sample is focused
onto a large format, high resolution CCD (SBIG Model ST-402ME) at
four different wavelengths (550, 650, 750 and 850 nm). The images
are superimposed in software to a precision of ±1 pixel. Temperature is calculated from a four-colour Wien ﬁt at each pixel, with
spectral intensity calibrated as described above for the 1D spectroradiometry system.
2.3. Analytical methods
After decompression, the culet region of the gaskets were cut
out by UV laser ablation, transferred to a 1-inch epoxy mould and
embedded in standard epoxy. The cured epoxy discs were polished
axially to expose the approximate centre of the sample chambers,
ﬁrst manually using water based 9 μm diamond suspension on a
polishing cloth, and later using a Buehler EcoMet® grinder-polisher
with 3 μm and 1 μm diamond suspension. Because the samples
were very thin (∼10–25 μm) and usually not completely ﬂat after decompression, approximately 50% of all the sample chambers
were lost during this process. Successfully polished samples were
coated with a thin layer of carbon or gold and analysed using a
JEOL JXA8530F Field Emission Gun Electron Microprobe at the University of Bristol. Textural and chemical analyses were carried out
with beam conditions of 5 keV and 20 nA. Wave-length dispersive
elemental calibration was performed with the following standards:
Si – synthetic SiO2 crystal, Mg – synthetic MgO crystal, Al – Amelia
albite and W – tungsten metal.
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3. Results
3.1. Melt detection: thermal signal processing
Perturbations in the temperature–power relation as laser power
increases have been shown to be an extremely robust indicator of melting. These perturbations commonly manifest as a distinct plateau in temperature as laser power increases; temperature
plateaus are especially well deﬁned during invariant melting of
metals, but have also been used to effectively detect melting in
low-variance silicate, silicate–carbonate, and silicate–water systems
(e.g. Shen and Lazor, 1995; Anzellini et al., 2013; Lord et al., 2014a;
Thomson et al., 2014; Walter et al., 2015). A comprehensive understanding of the factors resulting in thermal signal perturbations
related to phase changes is elusive due to the diabatic nature
of the sample environment and a lack of knowledge of material speciﬁc factors including changes in optical, thermal and mechanical properties upon crystallisation and/or melting (see for
example: Geballe and Jeanloz, 2012; Lord et al., 2014a, 2014b).
Critically, this method has been corroborated using independent
techniques, including direct observation of melt by in situ X-ray
diffraction, often simultaneously (e.g. Anzellini et al., 2013; Lord et
al., 2014a, 2014b).
In all automatically ramped experiments, temperature was
measured continuously at ∼5 s intervals during the heating ramp.
We observe in some cases the appearance of a well-deﬁned
plateau in temperature as power continues to increase (Fig. 2a–c),
but also commonly observe a rapid rise in temperature to a distinct
temperature maximum that occurs after a gradual rise in temperature (Fig. 2d–f). These perturbations are likely a consequence
of the indirect heating of the silicate due to laser absorption by
the dispersed W particles and mechanical segregation of a highdegree melt and W particles. We observe the temperature maxima
at these perturbations to be pressure dependent, and we correlate
these with eutectic melting of the sample. Textural observations
support this interpretation.
3.2. Melting detection: textural analysis
Textural and compositional analysis of recovered samples using backscattered electron imaging (BSE) and elemental mapping
provide additional evidence for melting. To establish the baseline
subsolidus texture, experiments were made well below the expected melting temperatures and at conditions approaching the
solidus (Tables S1 and S2 in supplementary materials). All subsolidus samples we inspected using BSE imaging showed a relatively uniform distribution of W particles embedded in the silicate
matrix, with no obvious indication of melting in the heated area
(Fig. 3a, b). However, we do observe a distinct coarsening of the
W grains at higher temperatures approaching the solidus (Fig. 3b).
In sharp contrast, samples where melting was detected by thermal
signal processing show a range of textures consistent with melting, typical examples of which are shown in Fig. 3c. The samples
show segregation of W grains into a ring, or in a radial geometry
about a central region that is relatively W-free. We also commonly
observed a more centrally located large W aggregate (Fig. 3c).
We suggest that once a large melt fraction forms at the eutectic
temperature, W grains are mechanically displaced by the melt, resulting in the observed segregation of silicate melt pool and W
aggregates. Melt–W segregation may also provide at least a partial
explanation for the increased power needed to maintain constant
temperature at the eutectic.
The formation of a central aggregate and radially distributed
W could indicate melting of the W absorber. However, we are
conﬁdent that our melting curves represent the melting of the silicate rather than the W absorber because the 1 atm melting point

Fig. 2. Example of automatically ramped melting experiments showing: (a) Peak
temperatures measured on the right (purple squares) and left (pink diamonds)
sides of the DAC vs. total laser power in experiment MB_E8_C, and showing a
well-developed temperature plateau. The pale grey band represents a 1σ uncertainty in the mean of the points within the plateau (deﬁned by the grey band);
(b), (c) temperature proﬁles across the heated spot recorded on both sides of the
DAC for experiment MB_E8_C. The ranges highlighted in colour reﬂect the selected
windows used to deﬁne peak temperature. The sample chamber size is approximately 30 μm and the selected window is about 15 μm. Error bars reﬂect the
precision of the Wien ﬁts and are ±1σ ; (d) Peak temperatures vs. laser power for
experiment MB_E48_C showing a rapid increase in temperature before reaching a
maximum temperature plateau; (e), (f) temperature proﬁles across the heated spot
for MB_E48_C. (For interpretation of the references to colour in this ﬁgure legend,
the reader is referred to the web version of this article.)

of W (3687 K; Handbook of Physics and Chemistry) is considerably higher than most of our melting data. Another possibility is
melting of the absorber as a consequence of carbide formation
by reaction with the diamond. This is also an unlikely explanation as we observe no carbide formation in our electron probe
analyses (W grains and/or aggregates are made of pure W), and
the diamond anvil culet surfaces show no indications of reaction with the sample. Moreover, the melting point of tungsten
carbide at 1 atm (3003–3103 K, Sittig’s Handbook of Toxic and
Hazardous Chemicals and Carcinogens) is higher than most of our
data points below 40 GPa for the MgO-rich eutectic and 60 GPa
for the SiO2 -rich eutectic, and as we will show below, our melting data at the lowest pressures investigated are consistent with
results from multi-anvil apparatus experiments and ab initio simulations.
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Fig. 3. BSE images of recovered DAC samples from: (a) cold-subsolidus (MB_E44_B P = 53.3 GPa and T max,s = 2350 K), (b) hot-subsolidus (MB_E36_C P = 36.7 GPa and
T max,s = 2500 K), and (c) melted experiments (left: MB_E11_B P = 43.7 GPa and T m = 2930 ± 124 K, right: MB_E3_C P = 28.6 GPa and T m = 2753 ± 35 K).

Fig. 4c (MB_E44_ C) was heated in ramp mode with melting detected by thermal signal processing at 3026 ± 178 K at 48,3 GPa.
Here again, we observe the typical W-ring around the quenched
melt pool and also a W-aggregate in the middle. The Si- and
Mg-elemental maps show a large, chemically homogeneous central area with an Mg/Si ratio intermediate between bridgmanite
and stishovite, indicative of a quenched eutectic melt. We performed chemical mapping like that shown in Fig. 4 on a number of
samples in both the MgO–MgSiO3 and MgSiO3 –SiO2 systems, with
similar and consistent results. The textural and chemical analyses
fully support the interpretation from thermal signal processing of
sample melting.
The subsolidus chemical maps (Fig. 4a, b) show phase separation between bridgmanite and stishovite, which is likely due to
Soret or saturation gradient diffusion in response to the temperature gradient through the sample (e.g. Sinmyo and Hirose, 2010).
We observe SiO2 crystallizing within the hottest region, with
bridgmanite intergrown or forming an annulus around stishovite,
consistent with SiO2 diffusing to the hot region. Temperature gradient induced phase segregation is also common in multi-anvil
experiments where the temperature gradients are much less extreme (e.g. 100 C/mm), and have been reported previously to occur
in the MgO–SiO2 system (Presnall and Walter, 1993).
3.4. 2D – sample temperature distribution

Fig. 4. Backscattered electron images (BSE) and wavelength dispersive elemental
maps for Mg and Si of run products in the MgSiO3 –SiO2 sub-system. (a), (b) Two
subsolidus samples (MB_E44_D and A) showing a homogeneous distribution of W
grains in the BSE images, and phase segregation between bridgmanite (bdg) and
stishovite (stv) in the heated region. (c) The melted sample (MB_E44_C) shows the
typical annulus of W grains and a central aggregate in BSE, whereas the heated region shows a single homogeneous silicate with a composition close to that of the
starting eutectic composition (67 wt% SiO2 and 31 wt% of MgO), which we interpret
as quenched melt.

3.3. Melt detection: chemical analysis
Polished samples were analysed with the electron probe to generate high-resolution X-ray elemental maps for Si, Mg and W, as
well as spot chemical analyses. Fig. 4 shows an example using
the M35 S65 starting material, where samples were pressurized to
almost identical pressure (∼50 GPa) but heated to different temperatures. Fig. 4a shows a sample heated to 2000 K for 35 min, and
Fig. 4b represents a sample heated to 2300 K for several minutes.
Both samples show a relatively uniform distribution of W, indicating the samples remained subsolidus.
The Si- and Mg-chemical maps and spot analyses indicate the
presence of two phases in the heated region, one of pure SiO2 ,
which we interpret as stishovite, and one with an intermediate
Mg/Si ratio consistent with bridgmanite (the grains were too small
<500 nm for individual mineral analyses). The sample shown in

The radial temperature distribution, as measured by 2D imaging radiometry, varies in detail from sample to sample but has
common features. Fig. 6 shows two examples, one showing a subsolidus temperature distribution (Fig. 5a), and another showing the
temperature distribution after a temperature–power perturbation
interpreted as melting (Fig. 5b). In the subsolidus we commonly
observe a ∼15 μm diameter region with roughly constant temperature (∼ ±50 K), surrounded by a region where temperature decreases with increasing distance from the centre at ∼20–30 K/μm,
mimicking the energy distribution of the incident laser radiation.
This gradient continues up to the radius at which the intensity
of the incandescent light drops to ∼10% of the maximum and an
accurate temperature ﬁtting becomes impossible (the dark blue region in Fig. 5). This masks the steep gradient of ∼103 K/ţm that
deﬁnes the edge of the laser heated region. Such a temperature
distribution is stable for extended duration (e.g. tens of minutes).
However, with continuous increase in laser power and temperature, we observe a drastic, time-dependent change in temperature
distribution (e.g. Fig. 5b) that correlates with the melting perturbation (plateau). Fig. 5b shows a central temperature peak and an
annulus of high temperatures separated by a slightly cooler zone
that mimics closely the distribution of W typically observed upon
melting of the sample (Figs. 3 and 4).
An axial temperature gradient must also be present between
the diamond anvils over a thickness of ∼10–25 μm (depending
on pressure), but is not well deﬁned because we cannot measure
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Fig. 5. 2-D temperature maps over the laser-heated region in LH-DAC experiment MB_48_C at 48.3 GPa as determined using 4-colour imaging radiometry. (a) Subsolidus
temperature map collected at the beginning of laser-heating at ∼2300 K. (b) Super-solidus temperature map collected just before quenching at ∼3000 K. Contour lines
represents light intensity relative to the maximum at intervals of 10%. The dark blue regions are not ﬁtted because of insuﬃcient light intensity that coincides with the very
steep temperature gradient (∼103 K/μm) separating the laser heated region from its unheated surrounding. See text for more details. (For interpretation of the references to
colour in this ﬁgure legend, the reader is referred to the web version of this article.)

Fig. 6. Results of this study for (a) the MgO–MgSiO3 eutectic (M58 S42 ), and (b) the MgSiO3 –SiO2 eutectic (M35 S65 and M40 S60 ). The melting curves (solid lines) are ﬁtted
using a modiﬁed Simon–Glatzel equation (Simon and Glatzel, 1929) with parameters listed in Table S3 and extrapolated to 136 GPa with associated 95% conﬁdence intervals
(dashed lines).

it directly. We expect an ∼5–10 μm region in the centre across
which temperature decreases at the modest rate (∼ ±50 K/μm),
and a steep gradient over a few microns toward the highly thermally conductive diamond surfaces on each side.
3.5. Melting curves
The melting temperatures reported in this study are calculated
as the mean of the smoothed maximum temperatures (T max,s data
in Tables S1 and S2 in supplementary materials) from both sides
of the sample, from the start of the temperature plateau until
quenching. The reported uncertainties include the analytical precision in the greybody spectral ﬁtting and one standard deviation
of the temperature variation within the melting plateau, which results in total uncertainties of ∼50–300 K. We do not include an
uncertainty related to non-greybody sample emissivity. Similarly,
in subsolidus experiments we report temperatures calculated as
the mean of the measured maximum temperatures on both sides
of the sample, starting from the power at which the target temperature was reached until quenching. The run conditions of melting

and subsolidus experiments are listed in Tables S1 and S2 in the
supplementary materials and the results are plotted in Fig. 6.
All ramped experiments that resulted in detectable melting
plateaus were used to constrain the melting curves. We could not
detect any statistical difference between the melting data for the
two Si-rich compositions we studied in the MgSiO3 –SiO2 system,
as expected for a eutectic system. Therefore, we ﬁtted all the data
simultaneously to produce a single eutectic melting curve. The
P − T data are ﬁtted using a modiﬁed Simon–Glatzel equation:



T m = T 24 1 +

Pm
A

 C1

(1)

where T m is the melting temperature at pressure P m , A and C are
ﬁtting parameters (see Table S3 in supplementary materials), and
T 24 is the melting temperature at 24 GPa from this study, which is
consistent with both Liebske and Frost (2012) and de Koker et al.
(2013). Because the lower mantle mineral assemblages differ from
those at ambient pressure conditions, we use T 24 as the starting
point for our ﬁts rather than the commonly used T 0 in the original
Simon–Glatzel equation (Simon and Glatzel, 1929). The reference
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Fig. 7. Eutectic melting curves from this study (solid lines with shaded area) compared with results from atomistic calculations (solid diamonds – de Koker et al.,
2013), thermodynamic modelling (dashed line – Liebske and Frost, 2012) and melting curves of endmembers MgSiO3 (Stixrude et al., 2009), SiO2 (Shen and Lazor,
1995) and MgO (Alfé, 2005). The green and pink melting curves represent the peridotitic (M58 S42 ) and basaltic (M35 S65 and M30 S60 ) model eutectics, respectively. The
model basalt melting curve has a lower dT /d P -slope and less curvature than the
model peridotite melting curve throughout the lower mantle pressure range. (For
interpretation of the references to colour in this ﬁgure legend, the reader is referred
to the web version of this article.)

melting temperature at 24 GPa (T 24 ) represents
pressure at which bridgmanite becomes stable.
peratures for the two eutectics can be ﬁtted
positive and decreasing dT/dP slopes through
pressure range.

approximately the
The melting temwith curves with
the lower mantle

4. Discussion
4.1. Comparison with previous work in the MgO–SiO2 system
In Fig. 7 we compare our experimentally determined eutectic
melting curves with previously published results from atomistic
simulations (de Koker et al., 2013), previous experiments, thermodynamic modelling (Liebske and Frost, 2012), and endmember
melting temperatures for MgSiO3 (Stixrude et al., 2009), SiO2 (Shen
and Lazor, 1995) and MgO (Alfé, 2005). Our MgO–MgSiO3 eutectic melting curve is in excellent agreement with the experimental data of Liebske and Frost (2012) in the lower pressure range
(24–26 GPa). However, at higher pressures our melting curve is
systematically lower than their extrapolated melting curve predicted on the basis of thermodynamic modelling. The predicted
melting curve of Liebske and Frost (2012) is a maximum of ∼350 K
higher than our curve; at the pressure of the core–mantle boundary it lies within our uncertainty envelope. The bridgmanite +
periclase eutectic as calculated by de Koker et al. (2013) is higher
than our curve by about 100 K at 24 GPa, and about 430 K at
136 GPa.
The liquidus diagram for the MgSiO3 –SiO2 system at lower
mantle pressures has not been previously studied experimentally.
The ﬁrst principles calculations of de Koker et al. (2013) in this
system predict eutectic melting temperatures of about 2720 K and
4580 K at 24 and 136 GPa, respectively, which are about 120 K and
610 K above our melting curve at these pressures.
The systematically lower melting points in our work compared
to the ﬁrst principles calculations might be explained by the diﬃculty in obtaining accurate melting points (T m ) in polyatomic sys-

Fig. 8. A comparison of experimentally determined melting curves (thick black solid
lines) in this study of: (a) the bridgmanite + periclaseeutectic compared with the
peridotite solidi determined in LH-DAC experiments by Fiquet et al. (2010), Andrault
et al. (2011), Nomura et al. (2014) and MAP experiments by: Trønnes and Frost
(2002), together with the MgSiO3 liquid isentrope from Stixrude et al. (2009); (b)
the bridgmanite + stishovite eutectic compared with the basalt solidi determined
in LH-DAC experiments by Hirose et al. (1999), Andrault et al. (2014) and Pradhan
et al. (2015) together with a single MAP experiment from Hirose et al. (1999). The
mantle adiabat of Anzellini et al. (2013, supplementary) is shown for comparison.

tems using ab initio molecular dynamics. Simulations of relatively
small systems (66–78 atoms, de Koker et al., 2013) with periodic
boundary conditions tend to overestimate T m due to the lack of
defects and surfaces on which melt can nucleate.
4.2. Comparison with melting curves of natural compositions
Fig. 8 compares our eutectic melting curves with experimentally determined solidi for natural basalts and peridotites. Eutectic
melting curves in the MgO–SiO2 binary system should be higher
than in systems that contain additional components. The multicomponent peridotite solidi of Fiquet et al. (2010), Andrault et al.
(2014) and Nomura et al. (2014) are shown in Fig. 9a. Fiquet et
al. (2010) used a combination of X-ray scattering and textural evidence to detect melting in a model upper mantle composition
(KLB-1), and found a solidus that is about 200 K lower than the
bridgmanite + periclase eutectic determined here, but with an almost identical curvature. Andrault et al. (2011), also relying on
X-ray diffraction and textural evidence for melt detection, found
a solidus for model chondritic peridotite that has little or no curvature and which is located below the bridgmanite + periclase
eutectic by a maximum of ∼600 K at 80 GPa, but is within 300 K
at the lower and higher pressure extremes. The pyrolitic peridotite
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Fig. 9. A comparison between the activities of (a) MgO and (b) SiO2 in eutectic
liquids calculated based on the thermodynamic model of de Koker et al. (2013),
using experimentally determined eutectic melting curves from this study (solid
lines) compared with previous estimates (dashed lines) which reﬂects the variation of bridgmanite + periclase (green) and bridgmanite + stishovite (pink) eutectic
compositions with pressure. The dotted lines are calculated for different melt compositions (mol-fraction silica) at the experimentally derived eutectic temperature,
according to the modiﬁed Margules mixing model described in the main text. (For
interpretation of the references to colour in this ﬁgure legend, the reader is referred
to the web version of this article.)

solidus determined by Nomura et al. (2014) also has small curvature, but is about 1000 K below the bridgmanite + periclase eutectic at 80 GPa, and well below the other natural peridotite melting
curves. Our peridotite melting curve is higher than those of natural
compositions due to the reduction in temperature caused by the
solution of additional components into the melt, with iron likely
to have the most signiﬁcant effect. For example, de Koker et al.
(2013) suggest adding around 10 mol% Fe to the MS system would
reduce the solidus by 250 ± 50 K. Such a reduction would bring our
melting curves into much closer agreement with those of Fiquet
et al. (2010) and Andrault et al. (2011) in the peridotitic system,
though the curvature would still more closely resemble the study
of Fiquet.
The different melting temperatures observed among studies in
multi-component systems must reﬂect compositional differences
to some degree (e.g. Mg/Si ratio, H2 O content), but differences in
melt detection criteria are also likely to be relevant. In natural systems melting occurs over a temperature interval, rather than at a
eutectic temperature. The X-ray scattering techniques used in the
studies of Fiquet et al. (2010) and Andrault et al. (2011) (e.g. diffuse scattering; grain growth; phase disappearance) likely lead to
overestimation of the solidus temperature because a substantial
melt fraction may need to be present before melt can be detected.
Nomura et al. (2014) attribute their lower temperature solidus to a
combination of more sensitive melt detection technique based on
X-ray tomographic imaging, and to the presence of ∼400 ppm H2 O
in their starting composition.
The multi-component basalt solidi of Hirose et al. (1999),
Andrault et al. (2014) and Pradhan et al. (2015) are shown in
Fig. 8b. Both Hirose et al. and Pradhan et al. use thermal signal processing as a primary melting criterion, their melting curves
are nearly identical, and are supported at the low-pressure end
by multi-anvil press (MAP) experiments. The melting curves from
these studies have a nearly identical shape to the bridgmanite +
stishovite eutectic curve found in our experiments, and lie close
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to our melting curve. This would suggest that addition of iron and
other components has little effect on solidus temperature. However, in contrast, the basaltic solidus of Andrault et al. (2014),
determined using X-ray diffraction and temperature plateaus as
melting criteria, falls ∼600 K below our bridgmanite + stishovite
melting curve at 30 GPa, and ∼300 K below at pressures greater
than about 60 GPa. As with peridotite melting, melt detection in
multi-component basaltic systems will depend on the melt fraction exceeding the detection limit. For example, in the study of
Hirose et al., the basalt sample was ‘sandwiched’ between Re absorbers, and melting was detected by a rapid rise in temperature. It
may be that melting occurs at a lower temperature, and the runaway heating occurs only after considerable melt is present such
that the solidus temperature is overestimated.
We reiterate that the advantage of working in the MgO–SiO2
system using near-eutectic starting compositions is that large
amounts of melt are produced at a single eutectic temperature,
allowing a more accurate determination of melting. In contrast,
the melting curves produced in studies on natural compositions
may represent the temperature at which the melt fraction exceeds
the detection limit of the method used for melt determination,
whether it be thermal signal processing or in situ X-ray diffraction
methods.
4.3. Implications for thermodynamic modelling of the MgO–SiO2
system
The eutectic melting curves presented in this study provide
constraints on the thermodynamic properties of the MgO–SiO2 liquid solution. By employing ab initio derived endmember models
for the solids (periclase and stishovite) and liquids (MgO and SiO2 )
from de Koker et al. (2013) and references therein, we calculated
the activities (ai ) of MgO and SiO2 in the two eutectic liquids using
the equilibrium relation:

μi = G ◦i + R T ln ai

(2)

where G ◦i is the Gibbs free energy of component i (e.g. MgO or
SiO2 ) in the pure endmember melt and μi is the chemical potential of that component in the melt. At the bridgmanite + periclase
eutectic, the chemical potential of MgO liquid is equal to the Gibbs
free energy of periclase (assuming no SiO2 is incorporated into periclase, Equation (2)). The same is true of SiO2 liquid and stishovite
for the bridgmanite + stishovite eutectic (Equation (3)). The thermodynamic relationships can be described as:
solid
μliquid
MgO = μMgO

(3)

liquid
solid
μ◦,
+ R T ln aMgO = μ◦,
MgO
MgO

(4)

and

μliquid
= μsolid
SiO2
SiO2

(5)

liquid
solid
μ◦,
+ R T ln aSiO2 = μ◦,
.
SiO2
SiO2

(6)

As the resulting activities only rely on endmember properties,
they can be used to assess the accuracy of MgO–SiO2 solution
models (Fig. 9). We demonstrate this by comparing our calculated
activities with predictions from a Margules-like mixing model that
reasonably reﬂects the ab initio results (de Koker et al., 2013)
at lower mantle pressures (Fig. 9). Margules interaction parameters (W i ) in a asymmetric regular solution model describe and
ﬁt the excess Gibbs free energy of the binary liquid mixture (e.g.
Thompson, 1967 and Haselton and Newton, 1980) as:

G mix = G ideal + W A Y 2 (1 − Y ) + W B Y (1 − Y )2

(7)
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where Y = X +λ(X1− X ) and X = X (SiO2 ) (molar fraction of SiO2 ) so
that X = Y when λ = 1. However, de Koker et al. (2013) suggest
using λ = 1.43, which allows for additional asymmetry in G mix and
enables a match to their low pressure enthalpy of mixing data.
The resulting Margules parameters for the binary mixture are the
following:

W A = 80 · 103 − 70T
3

W B = −245 · 10 − 25T

(8)
(9)

In Fig. 9 we observe the pressure-driven increase in the activity of SiO2 derived from the de Koker et al. (2013) endmembers and bridgmanite + stishovite eutectic temperatures, and at
face value the indication is that bridgmanite + stishovite eutectic
melts become markedly more SiO2 -rich. Such a dramatic change
in the bridgmanite + stishovite eutectic composition would require a rapid change in melt solution properties at high pressures,
which seems unlikely, and so a different explanation is required.
We note that the calculated increase in silica activity is a direct
consequence of the marked ﬂattening of the de Koker et al. (2013)
SiO2 melting curve at high pressures (based on ﬁrst-principles simulations by Karki et al., 2007; Fig. S2a), which is not mirrored in
the pressure dependence of bridgmanite + stishovite eutectic temperatures presented in this study. Our results may thus indicate
that the melting curve and properties of SiO2 melt require reassessment. Especially as a number of ab initio studies note that
obtaining accurate thermodynamic properties of silica-rich solids
and liquid remains challenging due to a high degree of polarization and very slow diffusion of viscous liquid silica (e.g. Tangney
and Scandolo, 2002).
Our experimental results also provide considerable constraints
on the mixing properties of MgO–SiO2 liquids. Speciﬁcally, the
100–500 K difference between the bridgmanite + periclase and
bridgmanite + stishovite eutectic temperatures is a sensitive function of the shape of the free energy mixing curve. Although the
results of de Koker et al. (2013) produce similar temperature differences between the eutectics, we note that this prediction is
dependent on large entropies of mixing, coupled with a model
in which bridgmanite is about 40 kJ/mol more stable relative to
periclase + stishovite than in experimental datasets at 24 GPa
(e.g. Stixrude and Lithgow-Bertelloni, 2011; Holland and Powell,
2011, Fig. S2b). If we assume instead that the experimentally derived datasets provide accurate estimates of the free energy of the
reaction bridgmanite = periclase + stishovite, then our eutectic
melting curves tell two things about the mixing and endmember
properties of the MgO–SiO2 melt system. First, a low temperature bridgmanite + stishovite eutectic (relative to bridgmanite +
periclase) indicates that SiO2 melting temperatures are probably
overestimated, at least at pressures corresponding to shallow parts
of the lower mantle. Second, to ensure that melting of bridgmanite remains congruent despite a relatively low stability (relative
to its constituent oxides), the minimum in the liquid Gibbs free
energy of mixing must be quite angular and shifted to the MgOrich side of bridgmanite. This angularity can be explained by a
maximum in short range order around the Mg2 SiO4 composition,
which has been proposed on the basis of both theoretical considerations and low pressure experimental results (Wu et al., 1993;
Harvey et al., 2015). This maximum implies that the activities of
MgO and SiO2 in ultramaﬁc melts change quite abruptly as a function of silica content, which could strongly inﬂuence phase equilibria in a partially molten mantle.
4.4. Implications for melting in the deep mantle
4.4.1. Crystallization of a deep magma ocean
During the late stage accretion of Earth one or more giant impacts probably resulted in deep magma ocean(s) on a global scale

(e.g. Benz and Cameron, 1990). Crystallization of a Hadean magma
ocean would have set the initial state of the mantle, with crystalmelt fractionation potentially leading to large-scale early mantle
heterogeneity. Near-equilibrium crystallisation of a magma ocean,
as a result of eﬃcient convective mixing of suspended crystals,
would not be an effective fractionation mechanism (e.g. Solomotov
and Stevenson, 1993). Fractional crystallization due to crystal settling or ﬂoating, or liquid segregation and trapping due to negative
buoyancy could, however, lead to extensive primordial differentiation. The density contrast between crystals and liquid is therefore
a key parameter controlling magma ocean evolution. Another important factor is the depth at which the magma ocean begins to
crystallize, which depends on the relationship between the magma
ocean adiabatic temperature gradient and the slope of the peridotite liquidus.
First principles molecular dynamics simulations of melts in the
MgSiO3 system (Stixrude and Karki, 2005; Stixrude et al., 2009)
show that the liquid adiabat, due to a continuous increase in the
Gruneisan parameter of the liquid with pressure, is steeper than
the melting curve, such that crystallization should begin in the
middle of the lower mantle, rather than from the bottom up. On
the basis of the shape of the bridgmanite + periclase eutectic
curve found here, and assuming that the MgSiO3 liquid adiabat is
an adequate representation of the more MgO-rich eutectic liquid,
the adiabat would intersect the melting curve at about 100 GPa
(Fig. 8a). That is, our eutectic curve is consistent with crystallization beginning deep within a global magma ocean, but not at the
bottom. However, the shape of the melting curve above 110 GPa
is an extrapolation of the ﬁt of the experimental data obtained at
lower pressures.
A middle-outward style of crystallization creates the potential
for residual melts to become trapped near the bottom of the lower
mantle forming a ‘basal magma ocean’, the remnants of which
may manifest themselves in the modern Earth as seismic low
velocity structures (LLSVP, ULVZ) (e.g. Labrosse et al., 2007). The
melt–solid density difference will determine the fate of the basal
liquid. Petitgirard et al. (2015) measured the density of amorphous
MgSiO3 at high pressures, and predicted a very small density contrast between crystalline and molten bridgmanite. With the strong
preference for iron to partition from ferropericlase and bridgmanite into melt relative to magnesium (e.g. Tateno et al., 2014;
Pradhan et al., 2015; Boukaré et al., 2015) it is probable that a
melt–solid density cross-over exists in the lower mantle, and that
basal melt derived from mid-mantle magma ocean crystallisation
would remain negatively buoyant.
4.4.2. Melting of peridotite and basalt at the CMB
The mantle adiabat by Anzellini et al. (2013) extended to an
outermost core temperature of 4050 K, is shown in Fig. 8. The
bridgmanite + periclase eutectic melting curve (model peridotite)
does not intersect the adiabat, so melting would not be predicted
to occur at the base of the modern mantle based on the simpliﬁed
system. The melting curves of Fiquet et al. (2010) and Andrault
et al. (2011) also lie just above the adiabat at the CMB, although
within uncertainty. Only the melting curve of Nomura et al. (2014)
lies clearly below the adiabat such that melting at the base of the
mantle is predicted to occur.
In contrast, our bridgmanite + stishovite melting curve (model
basalt) intersects the mantle adiabat just above the core–mantle
boundary, as do all melting curves for natural basalt. This region
above the CMB is where localised but signiﬁcant reductions in
both P- and S-wave velocities are observed in seismic data (e.g.
Williams and Garnero, 1996; Garnero and Helmberger, 1998). Thus,
partially molten recycled basalt is considered a possible candidate material for the thin ultra-low velocity zones (ULVZs) located
directly above the outer core surface (e.g. Andrault et al., 2014;
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Pradhan et al., 2015). Subducted oceanic crust is slightly denser
than the ambient peridotite (e.g. Ballmer et al., 2015) and may
partially segregate downwards in the low-viscosity D zone during conductive heat transfer from the outer core and lateral ﬂow
towards the LLSVPs (Torsvik et al., 2016). Basaltic material near
the bottom of the D ﬂow may interact and replenish the ULVZs,
which are frequently conﬁned to LLSVP-margins (e.g. Thorne and
Garnero, 2004). Moreover, most deep plumes seem to be rooted
near the edges of the LLSVPs and therefore may partially entrain
basaltic material from the ULVZs (French and Romanowicz, 2015;
Torsvik et al., 2016).
5. Conclusions
Eutectic phase relations in the system MgO–SiO2 involving the
assemblages bridgmanite + periclase + melt and bridgmanite +
stishovite + melt provide analogues for melting of peridotite and
basalt at lower mantle conditions, respectively. Our experimental
melting curves from ∼20–110 GPa provide constraints on the maximum melting temperatures in peridotitic and basaltic lithologies
relevant to the Earth’s mantle. The bridgmanite + periclase (peridotite) melting curve is ∼100 K higher at the top of the mantle
than the bridgmanite + stishovite (basalt) melting curve, but is
∼500 K higher at the CMB. The bridgmanite + periclase eutectic
curve has a shape indicating that a deep, peridotitic global magma
ocean would begin crystallizing at ∼100 GPa, favouring the possibility of residual, basal melt layer at the base of the mantle.
Relative to estimates of the mantle geotherm, our data indicate
that basalt will melt near the core–mantle boundary. The model
peridotite eutectic is about 500 K higher than the mantle geotherm
at the core–mantle boundary, but melting may occur due to the
depression of the solidus caused by additional components (e.g.
FeO, CaO, Al2 O3 , Na2 O).
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Supplementary materials

This Supplement contains additional information, figures and tables which completes
and supports the manuscript by Baron et al., 2017 entitled ‘Experimental constraints on
melting temperatures in the MgO-SiO2 system at lower mantle pressures‘.
1. Pressure calibration
In our experimental setup pressure was determined based on the Raman shift of the
singlet peak related to stress in the (001) direction at the diamond culet surface
(Hanfland et al., 1986), and was calibrated relative to the ruby fluorescence scale of Mao
et al (1986). The calibration curve of the Raman shift of the singlet peak is shown in Figure
S1. To calibrate the diamond peak shift, ruby was added to one of the sample chambers
in many of our multi-chamber experiments. After laser heating we measured both the
R1 ruby fluorescence peak from the ruby-bearing sample chamber and the Raman shift
of the singlet peak from the diamond culet at the same position. Thomson et al. (2014)
and Walter et al. (2015) found that the calibration can vary depending on the sample
material and pressure medium. However, we observe no difference between the three
compositions studied here.

Figure S1. Calibration of the stress-induced Raman shift of the diamond singlet peak measured
at the culet surface relative to pressure measured by ruby fluorescence, both measured after
quenching. The linear regressions for MgO-rich (green) and SiO2-rich (pink and purple) samples
resulted in slopes of 0.4937 and 0.4954 GPa/(cm)-1 that are within uncertainty. We therefore
fitted all the data simultaneously yielding a slope of 0.495 GPa/(cm)-1 when forced through the
origin.

2. Experimental data and fitting parameters
A summary of all the experimental conditions and measured melting temperatures are
presented in Table S1 and S2 for MgO-MgSiO3 and MgSiO3–SiO2 sub-systems,
respectively. The melting temperatures reported in this study are calculated as the
mean of the smoothed maximum temperatures (Tmax,s data in Table S1 and S2) from
both sides of the sample, from the start of the temperature plateau until quenching. The
reported uncertainties include the analytical precision in the greybody spectral fitting
and one standard deviation of the temperature variation within the melting plateau,
which results in total uncertainties of ~50 – 300 K. In subsolidus experiments we report
temperatures calculated as the mean of the measured maximum temperatures on both
sides of the sample, starting from the power at which the target temperature was
reached until quenching.

M58S42

Table S1. Experimental conditions and melting temperatures (K) in
the MgO-MgSiO3 sub-system.
P
C
Experiment
T max
σ
T max,s
σ
(GPa)
MB_E4_A
30,7
2831 65
2793 65
MB_E4_D
44,3
3304 185
3323 184
MB_E4_C
50,0
3603 91
3506 93
MB_E9_A
20,4
2734 109
2705 161
MB_E9_C
55,7
3509 15
3502 14
MB_E10_D 32,7
3145 50
3142 50
MB_E16_D 27,4
2782 101
2770 98
MB_E18_A
35,4
3112 60
3071 63
MB_E18_B
40,3
3193 56
3174 62
MB_E18_C
47,8
3448 166
3433 156
MB_E32
99,1
4161 131
4072 130
MB_E33_A
69,8
3687 103
3637 112
MB_E33_C
63,6
3630 91
3617 93
MB_E33_B
77,4
4004 118
4013 175
MB_E43_C
48,2
3164 57
3150 101
MB_E43_B
54,1
subsolidus ~2400 K
MB_E43_A
58,0
subsolidus ~2150 K
MB_E43_D 50,7
long subsolidus ~1800 K (30 minutes)
MB_E48_C
58,2
3556 89
3484 93
MB_E48_A
63,3
subsolidus ~2450 K
MB_E48_B
60,0
long subsolidus ~2200 (30 minutes)
MB_E50_C
40,1
3324 108
3291 102
MB_E50_A
47,3
subsolidus ~2500 K
MB_E50_B
45,0
subsolidus ~2400 (30 minutes)

M40S60

M35S65

Table S2. Experimental conditions and melting temperature (K) in the
MgSiO3–SiO2 sub-system
P
C
Experiment
T max
σ
T max,s
σ
(GPa)
MB_E3_C
28,6
2757
36
2753
35
MB_E5_A
23,1
2645
109
2640
108
MB_E5_D
42,5
3112
94
3102
93
MB_E5_C
45,3
2796
72
2784
47
MB_E7_A
32,3
3004
45
2997
45
MB_E29
108,5 3887
156
3852
271
MB_E34
89,3
3448
289
3449
274
MB_E37
91,4
3690
299
3675
304
MB_E44_C
48,3
3038
186
3026
178
MB_E44_B
53,3
subsolidus ~2350 K
MB_E44_A
49,1
subsolidus ~2300 K
MB_E44_D 44,8
long subsolidus ~2000 K (30 minutes)
MB_E47_B
80,0
subsolidus ~2900 K
MB_E47_C
86,1
subsolidus ~2450 K
MB_E47_A
78,3
long subsolidus ~2200 K (30 minutes)
MB_E8_D
30,6
2910
42
2894
38
MB_E8_A
55,2
3066
74
3055
70
MB_E8_B
67,0
3188
44
3162
39
MB_E8_C
68,7
3472
42
3444
40
MB_E11_A
21,7
2497
120
2486
115
MB_E11_D 29,3
2719
128
2669
203
MB_E11_B
43,7
2938
121
2930
124
MB_E12_D 30,1
2982
82
2949
78
MB_E12_B
51,3
3281
123
3269
116
MB_E19_C
35,4
2938
323
2916
312
MB_E19_A
77,2
3479
181
3468
177
MB_E19_B
73,7
3151
60
3144
58
MB_E22_A
42,7
2968
115
2957
112
MB_E22_B
60,2
3334
105
3312
105
MB_E36_A
37,8
2775
146
2760
141
MB_E36_C
36,7
subsolidus ~2500 K
MB_E36_B
53,1
subsolidus ~2700 K
MB_E49_B
62,3
subsolidus ~2900 K
MB_E49_A
71,8
subsolidus ~2400 K
MB_E49_C
68,0
long subsolidus ~2700 K (30 minutes)
MB_E45_A
80,1
3625
51
3573
45
MB_E45_B
80,8
subsolidus ~2400 K
MB_E45_C
81,3
long subsolidus ~2000 K (30 minutes)

All the automatically ramped melting experiments that resulted in detectable melting plateaus
(listed in Table S1 and S2) were used to constrain the melting curves by fitting a modified
Simon-Glatzel equation (Simon and Glatzel, 1929):
1

𝑃𝑚 𝐶
𝑇𝑚 = 𝑇24 (1 + )
𝐴

where 𝑇𝑚 is the melting temperature at pressure 𝑃𝑚 , 𝐴 and 𝐶 are fitting parameters (see Table
S3), and 𝑇24 is the melting temperature at 24 GPa from this study, which is consistent with both
Liebske and Frost (2012) and de Koker et al. (2013). Because the lower mantle mineral
assemblages differ from those at ambient pressure conditions, we use 𝑇24 as the starting point
for our fits rather than the commonly used 𝑇0 as suggested by Simon and Glatzel (1929) as the
melting temperature at 24 GPa (𝑇24 ) represents approximately the pressure at which
bridgmanite becomes stable.
We could not detect any statistical difference between the melting data for the two Si-rich
compositions we studied in the MgSiO3-SiO2 system (M40S60 and M35S65), therefore, we fitted all
the data simultaneously to produce a single eutectic melting curve for the bridgmanitestishovite eutectic.

Table S3. Fitting parameters for the melting curves defined in this study
eutectic:
𝑇24 (K)
𝐴 (GPa)
𝐶
MgO-MgSiO3
2705
19.156 ± 7.38
3.7796 ± 0.878
MgSiO3-SiO2
2605
29.892 ± 16.2
3.6770 ± 1.28

3. Thermodynamic modelling
In Fig. S1a we report and compare the experimentally determined eutectic melting curves from
this study with all the ab initio results determined by de Koker et al. (2013) together with the
melting curves of the end-members, MgO and SiO2 used in the thermodynamic modelling of de
Koker et al. (2013) and our thermodynamic calculations of the activity of MgO and SiO2 in the
eutectic liquids. The endmember melting curves were originally determined by Koker and
Stixrude (2009) and Karki et al. (2006) for MgO and Karki et al. (2007) for SiO2. A recently
determined melting curve for SiO2 based on shock data extended to 500 GPa by Millot et al.
(2015) and previous shock data by Boslough (1988) suggests that the melting curve of SiO2 may
be lower but steeper than originally thought; hence thermodynamic models of the Si-rich
eutectic might require further reassessment.
In order to understand the discrepancies between the various experimental, ab initio and
modelling studies, we have also summarized the differences in Gibbs energy of solids and
liquids at 24 GPa and 2605 K (de Koker et al., 2013 and Stixrude and Lithgow-Bertelloni, 2011)
and at 1 bar (Wu et al., 1993) (Fig. S2b).

Figure S2. (a) The periclase + bridgmanite (green solid line) and bridgmanite + stishovite (pink
solid line) eutectic melting curves experimentally determined in this study, ab initio results by
de Koker et al. (2013; dashed green and pink lines) and endmembers MgO and SiO2 melting
curves used in the thermodynamic modelling (de Koker et al., 2013 and this study). Recently
determined melting curve for SiO2 based on shock data extended to 500 GPa by Millot et al.
(2015) and previous shock data by Boslough (1988) are shown for comparison. (b) The
difference in Gibbs energy of solids and liquids at 24 GPa and 2605 K from de Koker et al.
(2013) (dK – 13) study in comparison with experimental datasets for solids by Stixrude and
Lithgow-Bertelloni (2011) (S and L-B 2011) and 1 bar experimental liquid Gibbs free energy of
mixing curve from Wu et al. (1993) (W – 93).

References:
Boslough, M.B., 1988. Postshock temperatures in silica. J. Geophys. Res. 93 (B6), 6477-6484.
de Koker, N., Strixrude, L., 2009. Self-consistent thermodynamic description of silicate liquids,
with application to shock melting of MgO periclase and MgSiO3 perovskite. Geophys. J. Int. 178,
162–179.
de Koker, N., Karki, B.B., Stixrude, L., 2013. Thermodynamics of the MgO–SiO2 liquid system in
Earth’s lowermost mantle from first principles. Earth Planet. Sci. Lett. 361, 58-63.
Karki, B.B., Bhattarai, D., Stixrude, L., 2006. First principles calculations of the structural,
dynamical and electronic properties of liquid MgO. Phys. Rev. B 73, 174208.
Karki, B.B., Bhattarai, D., Stixrude, L., 2007. First-principles simulations of liquid silica:
structural and dynamical behavior at high pressure. Phys. Rev. B 76, 104205.
Millot, M., Dubrovinskaia, N., Černok, A., Blaha, S., Dubrovinsky, L., Braun, D.G., Celliers, P.M.,
Collin, G.W., Eggert, J.H., Jeanloz, R., 2015. Shock compression of stishovite and melting of silica
at planetary interior conditions. Science 418, 8–11.
Simon, F.E., Glatzel, G.Z., 1929. Remarks on fusion pressure curve. Zeitschrift für Anorganische
und Allgemeine Chemie, 178, 309-312.
Stixrude, L., Lithgow-Bertelloni, C., 2011. Thermodynamics of mantle minerals - I. Physical
properties. Geophys. J. Int., 162, 610–632.
Thomson, A.R., Walter, M.J., Lord, O.T., Kohn, S.C., 2014. Experimental determination of melting
in the system enstatite-magnesite and magnesite-calcite from 15 to 80 GPa. Am. Mineral. 99,
1544-1554.
Walter, M.J., Thomson, A.R., Wang, W., Lord, O.T., Ross, J., McMahon, S.C., Baron, M.A., Melekhova,
E., Klepp, A.K., Kohn, S.C., 2015. The stability of hydrous silicates in Earth's lower mantle:
experimental constraints from the systems MgO-SiO2-H2O and MgO-Al2O3-SiO2-H2O. Chem. Geol.
418, 16-29.
Wu, P., Eriksson, G., Peltonand, A.D., Blander, M., 1993. Prediction of the Thermodynamic
Properties and Phase Diagrams of Silicate Systems – Evaluation of the FeO-MgO-Si02 System.
ISIJ Int. 33 (1), 26-35.

